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Abstract: Default aerosol extinction coefficient profiles are commonly used instead of measured 

profiles in radiative transfer modelling, increasing the uncertainties in the simulations. The present 

study aims to determine the magnitude of these uncertainties and contribute towards the under-

standing of the complex interactions between aerosols and solar radiation. Default, artificial and 

measured profiles of the aerosol extinction coefficient are used to simulate the profiles of different 

radiometric quantities in the atmosphere for different surface, atmospheric, and aerosol properties 

and for four spectral bands: ultraviolet-B, ultraviolet-A, visible, and near infrared. Case studies are 

performed over different areas in Europe and North Africa. Analysis of the results shows that under 

cloudless-skies, changing the altitude of an artificial aerosol layer has minor impact on the levels of 

shortwave radiation at the top and the bottom of the atmosphere, even for high aerosol loads. Dif-

ferences up to 30% were however detected for individual spectral bands. Using measured instead 

of default profiles for the simulations leads to more significant differences in the atmosphere, which 

become very large during dust episodes (10 – 60% for actinic flux at altitudes between 1 and 2 km, 

and up to 15 K/day for heating rates depending on site and solar elevation).  
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1. Introduction 

Solar radiation is the primary source of energy on earth, affecting many physical, 

chemical and biological processes on the planet. Alterations in the amount or the spectral 

distribution of solar radiation that reaches the Earth’s surface impact Earth’s climate and 

may have significant direct and indirect implications on life on Earth [1–3]. In addition to 

changes in surface solar radiation (SSR), changes in its vertical distribution are also very 

significant since they affect the energy balance, and subsequently physical and dynamical 

processes (formation of clouds, wind patterns, etc.) which strongly influence Earth’s cli-

mate [4]. The distribution of solar radiation in the atmosphere and at the Earth’s surface 

is affected primary by clouds, and under cloud-free conditions by atmospheric aerosols, 

trace gases and water vapor. Aerosols scatter and absorb solar radiation, affecting directly 

its distribution in the atmosphere and its levels at the surface. Furthermore, they affect the 

distribution of solar radiation indirectly through their effects on the formation and the 

properties of clouds (indirect and semidirect effects) [4]. The shapes, sizes, and chemical 

composition of aerosols vary significantly, resulting to correspondingly high variability 

in their optical properties, and subsequently their interactions with solar radiation [5–9]. 
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Due to their high complexity, the interactions between aerosols and solar radiation are not 

yet completely understood and aerosols constitute one of the main uncertainty sources in 

the projections of global and regional climate models [10–12], as well as in the satellite 

algorithms used for the estimation of SSR (e.g., [13–16]). The spectral distribution of the 

optical properties of aerosols in conjunction with differences in the scattering and the ab-

sorption of radiation at different wavelengths by atmospheric molecules further increases 

the uncertainty in the modelling of solar radiation [17–19]. In a recent study, Mishra et al. 

[20] showed that there is strong spectral dependence of the aerosol radiative effects on the 

aerosol layer height (aerosol radiative effects increase with the aerosol layer height in the 

ultraviolet and decrease in the visible and the near infrared). 

 Due to inadequate information for the vertical distribution of aerosols it is common 

to use simplified extinction coefficient profiles (assuming that aerosols are mostly concen-

trated near the surface and/or that they decrease exponentially with increasing altitude) 

[21,22] for the modelling of their radiative effects. Although the assumption of exponential 

decrease is relatively accurate for the estimation of the SSR over certain environments 

(e.g., for urban aerosols) [23], few information is available for the effect of using a more 

realistic instead of a theoretical profile to perform radiative transfer (RT) simulations 

when the real profiles of aerosols decline significantly from the ideal theoretical profile. 

For example, volcanic, dust, or biomass burning aerosols are frequently transported to 

long distances away from their sources, travelling at high altitudes in the atmosphere [24–

29], resulting to aerosol profiles which differ significantly from the theoretical. While vol-

canic aerosols contribute a very small amount in the overall global aerosol mixture, bio-

mass-burning and dust aerosols have a very strong contribution over wide regions of the 

planet [30]. Over the Mediterranean Basin and North Africa, dust plays a key role in the 

attenuation of solar irradiance, and near the extra-tropics its role is comparable, or more 

significant (over arid or semi-arid areas), with respect to the role of clouds [31–34]. Ac-

cording to Mishra et al. [20] radiative effects of dust aerosols are the most sensitive to 

altitude among four different (dust, polluted dust, polluted, scattering) aerosol species. 

Differences in the sensitivity of the different aerosol types were explained by their relative 

efficiency to absorption and scattering of solar radiation at different spectral regions. 

Revel et al. [35] point out that uncertainties in the geographical and vertical distribution 

of microplastics  in the atmosphere contribute significantly in the estimation of their radi-

ative effects. Microplastics can travel to very long distances from their sources and have 

been detected at very high altitudes, of the order of 3 km, in the atmosphere [36,37]. Fas-

ano et al. [38] showed that even over a pristine Alpine region, transported Saharan dust 

can increase atmospheric heating rates (HR) by more than 1 K/day (relative to aerosol-free 

atmosphere), and at the same time have a negative radiative effect at the top and at the 

bottom of the atmosphere. At such regions (i.e., Alpine Valleys) changes in atmospheric 

heating have an immediate impact on the climate of the slopes and are considered among 

the possible drivers for Elevation-Dependent Warming (EDW) [39,40]. Many studies 

show that aerosols affect the Asian monsoon water cycle. Aerosol effects on monsoon wa-

ter cycle dynamics are complex, and depend strongly on the characteristics and the distri-

bution of aerosols [41–43]. 

Photochemical processes also depend on the amount of available solar radiation, ei-

ther at particular wavelengths or at broader spectral bands [44–46]. Such processes take 

place at different altitudes in the atmosphere, determine atmospheric composition, and 

play a key role for air quality [47–50]. Photolysis rates at a specific altitude in the atmos-

phere depend on atmospheric composition and solar zenith angle (SZA), but also on the 

amount and the optical properties of aerosols [51,52] and clouds [53]. Given that during 

warm, clear-sky days the atmosphere is well-mixed in the planetary boundary layer 

(PBL), ranging from a few hundreds of meters up to a three kilometers (depending on 

location and time) [30], photochemical reactions that take place at higher altitudes in the 

atmosphere can also play significant role for the quality of air near the surface.  

The present study aims to shed some light in the following issues: 
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• How do changes in the vertical distribution of aerosol optical properties affect the 

solar radiation that reaches the Earth’s surface, and how do they affect the 

backscattered solar radiation?  

• What is the magnitude of differences in the atmospheric heating rates due to 

changes in the vertical profile of the aerosols? 

• How is the vertical distribution of actinic flux (AF), (i.e., the radiometric quantity 

that is of direct interest for photochemical reactions), affected by changes in the 

vertical profile of aerosols? 

• What is the effect to the spectral solar radiation of different aerosol load and ab-

sorption properties for aerosols at different altitudes? 

This paper consists an effort to address the above questions for different atmospheric 

conditions, under cloud-free skies, and for different aerosol loads and properties. 

The paper is structured as follows. The datasets and methods that are used to answer 

the above questions are described in Section 2. The results of the analyses are presented 

and discussed in Section 3. In Section 4 the main conclusions of the study are summarized. 

This is a sensitivity study aiming to provide information relative to the magnitude of dif-

ferences when a more realistic aerosol extinction profile is used instead of a theoretical 

profile, and to explain the mechanisms that are responsible for the differences. 

2. Data and Methodology 

In the present study, the effect of aerosol extinction profile on the profile of the ultra-

violet-B (UVB, 280 – 315 nm integral), ultraviolet-A (UVA, 315 – 400 nm integral), visible 

(VIS, 400 – 700 nm integral), near infrared (NIR, 700 – 3000 nm integral) and total 

shortwave (SW, 280 – 3000 nm integral) solar radiation was investigated for different aer-

osol and different atmospheric conditions.  

• As a first step, the sensitivity of the solar radiation profile to the altitude of a hypo-

thetical aerosol layer was investigated using artificial aerosol extinction coefficient 

profiles. 

• As a second step, radiative transfer (RT) simulations were performed using aerosol 

extinction coefficient profiles from the LIdar climatology of Vertical Aerosol Structure 

for space-based lidar simulation studies (LIVAS) [54] and the results were compared 

with the results of simulations with the default libRadtran profile [22] which assumes 

exponential decrease of the aerosol extinction coefficient with altitude in the tropo-

sphere.  

The simulations were performed for typical and extreme aerosol conditions and for 

different European and North-African regions. In addition to the AF and the HR, the 

global irradiance (GI), the direct irradiance (DI), the downwelling diffuse irradiance (DDI) 

and the upwelling diffuse irradiance (UDI) were simulated, which are the necessary quan-

tities in order to answer to the four questions listed in Section 1. Short descriptions of 

LIVAS and the basic setup for the RT simulations are provided in Sections 2.1 and 2.2 

respectively. Description of the methodology used for the investigation of the role of aer-

osol profile on the vertical distribution of solar irradiance is provided in Sections 2.3 – 2.5.  

2.1. LIVAS 

LIVAS is a three-dimensional (3-D) multi-wavelength global aerosol and cloud opti-

cal database, which provides averaged profiles of aerosol optical properties at 355, 532, 

1064, 1570 and 2050 nm and cloud optical properties at the wavelength of 532 nm [54]. 

Established based on CALIPSO (Cloud-Aerosol Lidar and Infrared Pathfinder Satellite; 

[55]) LIVAS data has been used in various studies for aerosol 3D climatology (e.g., [56,57]). 

To produce Level 2 (L2) Version 4 (V4) profiles of aerosol and cloud optical properties and 

layer classification information [58](Kim et al., 2018), LIVAS applies a series of quality-

assurance procedures (Tackett et al., 2018), prior averaging in order to generate the Level 

3 (L3) aerosol profile products, including, among others, vertical profiles of total-aerosol 

extinction coefficient and AOD at 532 nm. The original LIVAS database is established on 

a uniform grid of 1◦×1◦ spatial resolution, with the CALIPSO original vertical resolution, 
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while with respect to the temporal resolution the aerosol optical properties are provided 

(1) at the CALIPSO per-orbit level, (2) on monthly-means, and (3) on long-term averaged 

profiles (06/2006-12/2020). However, for the scientific objectives of the present study, the 

LIVAS total-aerosol extinction coefficient profiles and AODs at 532nm are generated at 

two spatial resolutions different from the original one. More specifically, the first option 

of spatial resolution includes LIVAS optical properties when CALIPSO overpasses Ath-

ens-Greece, Cairo-Egypt, and Lampedusa-Italy locations within a horizontal radius of 100 

km. The second generated spatial resolution, provides LIVAS aerosol optical properties 

at 5◦×5◦ spatial resolution for two domains selected especially for the needs of the study, 

one over the Saharan desert/North-West Africa and the second over Central Europe (more 

information is provided in Sections 2.4 and 2.5). 

2.2. Radiative Transfer simulations 

The model UVSPEC which is included in the library for radiative transfer (libRad-

tran) package [59] was used to perform RT simulations. A number of input parameters 

were explicitly defined for each of the simulations: total column of water vapor (TCWV), 

total column of ozone (TCO), surface albedo, columnar aerosol optical properties (the aer-

osol optical depth (AOD), the single scattering albedo (SSA), and the Ångström Exponent 

(AE)), and the vertical profile of the extinction coefficient at 532 nm. The latter was then 

scaled to the value of the AOD at each wavelength. In all cases, the profiles of other than 

AOD aerosol optical properties (e.g., SSA, AE, asymmetry parameter) were assumed to 

be constant throughout the atmosphere. A typical, constant value of 0.7 (e.g., [19]) was 

defined for asymmetry parameter, as well as a standard CO2 concentration of 430 ppb. 

The standard atmospheric profile (standard US atmosphere [60]) was used for all simula-

tions. Thus, the default libRadtran profiles of TCO, TCWV, etc. were scaled to the defined 

columnar values. 

Model outputs were produced for 18 layers between 0 and 8 km which were denser 

near the bottom of the atmosphere (BOA) and gradually became sparser with increasing 

altitude, and at 50 km considering that differences at the 50 km altitude are representative 

for the differences at the top of the atmosphere (TOA).  Spectral simulations in the range 

280 – 3000 nm were performed with a step of 1 nm. The extra-terrestrial solar spectrum 

suggested by Kurucz [61] and the sdisort [62] pseudospherical 16-stream approximation 

of the UVSPEC model were used for the simulations. Simulations were performed sepa-

rately for the four spectral regions: UVB, UVA, VIS, IR. For the simulations in the NIR 

region, absorption was parametrized using the correlated-k KATO2 distribution [63,64]. 

Although the latter parameterization introduces some additional uncertainty in the sim-

ulations compared to a spectral or pseudo-spectral parameterization, the additional un-

certainty is negligible for the NIR integral [65].  

The produced spectra were integrated in order to calculate and analyse the total ir-

radiance in the four spectral bands (UVB, UVA, VIS, IR) and the total SW irradiance. The 

required quantities were finally produced at the model output: DI, GI, DDI, UDI, AF, and 

HR. 

2.3. Sensitivity study using artificial extinction profiles 

The first step of the study was to perform simulations for five different artificial ho-

mogeneous layers of aerosols, with layer base at 0, 1, 2, 3, and 4 km (hereafter referred as 

L0, …, L4 respectively) from the surface (assuming that the surface is at mean sea level). 

Three of the five layers are shown in Figure 1. The width of each layer was 1.5 km. Aerosol 

extinction coefficient above and below each layer was considered zero. Simulations were 

performed for combinations of different atmospheric and surface parameters, as well as 

different aerosol optical properties (see Table 1). For each spectral band, the AOD was 

considered to be independent from wavelength for the simulations (i.e., AE was set to 

zero). 
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Figure 1. Three of the five artificial aerosol profiles that were used for the simulations (here for AOD 

= 1.5). 

Table 1. UVSPEC model input parameters 

property values 

SZA 20°, 40°, 60°, 80° 
AOD (all wavelengths) 0.2, 0.5, 1.0 
SSA (all wavelengths) 0.75, 0.95 
Asymmetry factor 0.7 
AE 0 
TCO 350 DU 
TCWV 10, 30 mm 
Surface albedo 0.1, 0.4, 0.8 

 

For the same sets of parameters and different extinction coefficient profiles, compar-

isons between the vertical profiles of the different radiometric quantities were performed. 

In all cases, the results for elevated aerosol layers were compared with the results for L0. 

This way it was possible to investigate the effect of different aerosol layer altitudes and 

understand the physical mechanisms which are responsible for the differences in the pro-

files of the radiometric quantities. 

2.4. Simulations using theoretical and LIVAS profiles for typical aerosol conditions 

Aerosol extinction profiles at 532 nm from the LIVAS climatology were averaged for 

two 5°x5° regions with centres at North-West Saharan desert, Africa (32.5°N, 7.5°E), and 

Central-East Europe (47.5°N, 17.5°E) (see Figure 2), for the period 06/2006 – 12/ 2020. In 

the following, the two regions are referred as NW Africa and CE Europe respectively. 

Accordingly, from the daily LIVAS profiles, monthly averaged profiles were calculated 

and were subsequently averaged again to calculate seasonal profiles for winter (Decem-

ber, January, February; DJF), spring (March, April, May; MAM), summer (June, July, Au-

gust; JJA), and autumn (September, October, November; SON). Seasonal profiles were 

used to perform RT simulations. RT simulations were also performed using the libRadtran 
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default profile [22]. RT simulations for each season were performed for both profiles as-

suming climatological seasonal averages for TCWV, TCO, aerosol optical properties 

(AOD, SSA, AE), and surface albedo.  

Climatological seasonal TCWV from Copernicus Atmospheric Monitoring Service 

(CAMS) [66], TCO from Ozone Monitoring Instrument (OMI) [67], and AOD retrievals at 

550 nm from the MODerate resolution Imaging Spectroradiometer (MODIS) onboard 

Aqua satellite (Collection 6.1; [68]) were averaged for the same areas and seasons and used 

for the simulations. The utilized quality assured MODIS-Aqua 550 nm AOD product was 

obtained by MIDAS dataset [56]. Seasonal climatological averages for the period 2006 – 

2020 were calculated from monthly averaged surface albedo from The Modern-Era Retro-

spective Analysis for Research and Applications, Version 2 (MERRA-2) climatology [69], 

and was used for the simulations in VIS and IR. Surface albedo in UV differs significantly 

from surface albedo in VIS for particular land-surface types such as deserts. Thus, typical 

values were used [70,71], since large scale climatological data are not available. Seasonally 

averaged SSA and AE were calculated from monthly averages which were derived from 

the Max Planck Aerosol Climatology version 2 (MACv2) [72] and were used for the RT 

simulations. The above parameters are listed in Tables 2-4. 

 

Figure 2. Map with the areas and the sites for which analyses were performed. A and E represent 

the two areas at North-West Africa and Central-East Europe respectively for which the LIVAS pro-

files were averaged. 
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Table 2: TCO, TCWV, surface albedo and AOD at 550 nm used in the simulations for NW Africa 

and CE Europe. 

 winter spring summer autumn 

550 nm AOD 

NW Africa 0.19 0.35 0.35 0.26 

CE Europe 0.07 0.18 0.22 0.13 

TCWV (mm) 

NW Africa 11.4 14.6 22.3 20.4 

CE Europe 9.6 14.4 25.7 17.4 

Total ozone (DU) 

NW Africa 299.4 318.3 298.4 282.2 

CE Europe 333.3 358.6 320.2 287.8 

Surface albedo 

NW Africa VIS/IR 0.42 0.40 0.41 0.41 

NW Africa UVB/UVA 0.10 0.10 0.10 0.10 

CE Europe VIS/IR 0.15 0.15 0.15 0.15 

CE Europe UVB/UVA 0.05 0.05 0.05 0.05 

Table 3: SSA used in the simulations for NW Africa and CE Europe. For each spectral band, inde-

pendent from wavelength SSA was assumed. 

  winter spring summer autumn 

NW Africa UVB 0.84 0.77 0.81 0.80 

UVA 0.85 0.78 0.82 0.81 

VIS 0.93 0.93 0.94 0.93 

IR 0.94 0.96 0.96 0.96 

CE Europe UVB 0.80 0.86 0.87 0.83 

UVA 0.81 0.87 0.88 0.85 

VIS 0.87 0.91 0.92 0.90 

IR 0.86 0.91 0.91 0.89 

Table 4: AE used in the simulations for NW Africa and CE Europe 

  winter spring summer autumn 

NW Africa UVB 1.32 0.74 1.04 0.89 

UVA 1.32 0.74 1.04 0.89 

VIS 1.32 0.74 1.04 0.89 

IR 0.65 0.20 0.31 0.30 

CE Europe UVB 1.32 1.52 1.66 1.41 

UVA 1.32 1.52 1.66 1.41 

VIS 1.32 1.52 1.66 1.41 

IR 1.32 1.30 1.40 1.27 

 

2.5. Simulations using theoretical and LIVAS profiles for high aerosol load 

Mediterranean countries are often affected by strong dust events resulting to high 

AODs and extinction coefficient profiles that differ significantly from the default libRad-

tran profile [22]. LIVAS extinction coefficient profiles were interpolated to the coordinates 

of three Mediterranean sites: Cairo (31.2°E, 30.0°N), Lampedusa (12.6°E, 35.5°N), and Ath-

ens (23.7°E, 37.6°N). The (normalized) profiles corresponding to 532 nm AOD>0.8 were 

averaged for the period 2006 – 2018 and used for the RT simulations. Visual inspection of 

the profiles and back-trajectory analyses of air masses from the HYSPLIT model 

(https://www.ready.noaa.gov/HYSPLIT.php) revealed that high AOD was in all cases re-

lated with strong dust events. RT simulations were performed assuming typical optical 
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properties for dust-dominated aerosol mixtures (AE=0.3 and SSA: 0.8, 0.85, 0.95, 0.98 for 

UVB, UVA, VIS, and NIR respectively) [17,73] and 550 nm AOD=1. In addition to the aer-

osol optical properties, other model inputs were the annual averages of TCWV, TCO, and 

surface albedo. The latter quantities were derived from the sources described in section 

2.4 for the period 2006 - 2018. Climatological annual averages were calculated and used 

for the simulations. RT simulations were repeated for the same conditions using the de-

fault libRadtran extinction coefficient profile [22], instead of the LIVAS profiles. The input 

parameters for UVSPEC are listed in Table 5. 

Table 5: TCO, TCWV, surface albedo and aerosol optical properties (AOD at 550 nm, SSA, AE) used 

in the simulations for Cairo, Lampedusa and AthensAOD at 550 nm used in the simulations. 

 550 nm 

AOD 

SSA AE TCWV (mm) TCO (DU) Surface 

albedo 

Cairo 

UVB 1 0.80 0.3 16.6 295 0.05 

UVA 1 0.85 0.3 0.05 

VIS 1 0.95 0.3 0.11 

IR 1 0.98 0.3 0.11 

Lampedusa 

UVB 1 0.80 0.3 20.3 312 0.05 

UVA 1 0.85 0.3 0.05 

VIS 1 0.95 0.3 0.08 

IR 1 0.98 0.3 0.08 

Athens 

UVB 1 0.80 0.3 18.5 317 0.05 

UVA 1 0.85 0.3 0.05 

VIS 1 0.95 0.3 0.11 

IR 1 0.98 0.3 0.11 

 

3 Results and discussion 

3.1 Altitude of the aerosol layer 

As described in Section 2.3, the magnitude of the differences in the vertical radiation 

profiles when the altitude of the aerosol layer changes was investigated using artificial 

aerosol extinction profiles. Relative differences [%] were calculated between simulations 

for which all parameters were the same, except the aerosol extinction coefficient profile. 

The radiation profiles for elevated aerosol layers (L1, …, L4) were compared with the ra-

diation profiles for L0. L0 was used as a reference because it is closer to commonly used 

climatological profiles, as most of the radiation extinction by aerosols takes place near the 

surface. Sensitivity of the results to different TCWV was found to be very small even in 

the NIR (although the profile of NIR changes significantly for different values of the 

TCWV). Thus, only results for TCWV = 10 mm are presented. Moreover, sensitivity anal-

ysis that was performed prior to the simulations revealed that the effect of changes in TCO 

(within realistic limits) on the results is also negligible. Therefore, all simulations were 

performed for TCO = 350 DU.   

The differences for different radiometric quantities (DI, GI, DDI, UDI, and AF) and 

spectral regions (UVB, UVA, VIS, and NIR) are presented in Figures 3 and 4. The pre-

sented results are for AOD = 1, SZA = 60°, surface albedo = 0.1, TCWV = 10 mm, and two 

values of the SSA: 0.75 and 0.95. The results for the DDI are presented in an independent 

figure (Figure 4) because of the different scale relative to other quantities. Results for dif-

ferent AOD (0.2 and 0.5), surface albedo (0.8), and SZAs (20° and 80°) are presented in 

Appendix A and are discussed in the present section. 
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3.1.1 Direct irradiance 

In line with the radiative transfer theory basics, changing the altitude of the layer has 

the same effect on the DI at all four spectral regions because attenuation of DI depends 

solely on the AOD which has been assumed to be constant at all spectral bands. When 

simulations are performed with aerosol layer at a higher altitude instead of L0, then the 

DI gradually decreases from the top to the bottom of the elevated layer, while the differ-

ence with respect to the irradiance for L0 gradually increases (up to ~86% at the bottom of 

the elevated layers when the layer base is higher than the top of L0). Then, at the top of L0 

the differences gradually tend to zero, and finally there is no change in the amount of the 

DI that reaches the surface. Decreasing/increasing the SZA or the AOD for the simulations 

leads to smaller/larger differences in DI between the layers (Figures A1 - A5). The results 

for DI are independent from the changes in SSA and surface albedo. 

 

3.1.2 Diffuse downwelling and upwelling irradiances  

Changes in diffuse irradiance strongly depend on solar spectral region and the SSA. 

The presence of aerosols leads to increased scattered (downwelling and upwelling) irra-

diance relative to aerosol-free atmosphere. Additional scattering and absorption of solar 

radiation with respect to aerosol-free atmosphere takes place inside the layer of aerosols 

and also affects the distribution of photons above and below the layer.  

  

Figure 3. Change (in %) in the profiles of DI (first row), GI (second row), AF (third row), and UDI 

(fourth row) in UVB (first column), UVA (second column), VIS (third column), and NIR (fourth 

column). The presented results are for AOD = 1, SZA = 60°, surface albedo = 0.1, TCWV = 10 mm, 

and two values of the SSA: 0.75 (dotted lines) and 0.95 (solid lines).  
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Figure 4. Change (in %) in the profiles of DDI in UVB, UVA, VIS, and NIR. The presented results 

are for AOD = 1, SZA = 60°, surface albedo = 0.1, TCWV = 10 mm, and two values of the SSA: 0.75 

(dotted lines) and 0.95 (solid lines).  

Downwelling diffuse irradiance 

For scattering aerosols (SSA=0.95) the increase of the DDI due to the presence of an 

elevated aerosol layer (with respect to the corresponding DDI for L0) begins at the top of 

the layer and becomes maximum near the middle of the layer. Maximum difference is 

larger for L4 and gradually becomes smaller for lower-altitude layers. In an aerosol-free 

atmosphere the DDI would increase with decreasing altitude. Rayleigh scattering is more 

intense for shorter wavelengths. At UVB wavelengths the diffuse component of the down-

welling irradiance is already strong between 4 and 5.5 km even in an aerosol-free atmos-

phere, while at NIR wavelengths there is nearly zero DDI at the same altitude under the 

same conditions. Thus, the same absolute increase in DDI due to the presence of aerosols 

would lead to much larger relative increase for NIR relative to UVB. For example, for L4 

maximum increase is ~10% for UVB and ~10000% for IR. The relative increase gradually 

becomes weaker below about the middle of the elevated aerosol layer. Below 1 km, UVA 

DDI for elevated aerosol layers is smaller with respect to the DDI for L0 (for SSA=0.95). 

For UVB differences in DDI (DDI for an elevated aerosol layer – DDI for L0) switch from 

positive to negative at a distance of a few hundreds of meters below the base of the ele-

vated aerosol layer.  

When aerosols are more absorbing (SSA=0.75), the magnitude of differences between 

the DDI for elevated aerosol layers and the DDI for L0 is in all cases smaller compared to 

more scattering aerosols (SSA=0.95). In UVA the DDI is larger at the altitude of the ele-

vated layer and smaller in the rest of the atmosphere, while in UVB the DDI is smaller 

even at the altitude of the elevated aerosol layer. This is because absorption of the scat-

tered irradiance coming from Rayleigh scattering dominates over excessive scattering by 

aerosols when aerosols are at higher altitude relative to L0. It is interesting that in UVB 

and UVA DDI decreases also above the elevated aerosol layers, with the decrease being 

larger for more elevated layers (i.e., maximum for L4). This is because when the layer of 

aerosols is higher it absorbs more photons before they interact with the denser atmosphere 

below the layer. If the layer was lower (e.g., L0 instead of L4), part of these photons would 

be backscattered before entering the layer of aerosols. In simple words, more photons in-

teract with aerosols, and subsequently more photons are absorbed, when the layer is 

higher. Part of the photons absorbed in the elevated layer would have been anyway ab-

sorbed in L0. However, another part would have been backscattered towards the TOA. 

Differences in the number of photons that reach the surface are in both cases smaller lead-

ing to differences of a few percent at the BOA. 

Decreasing the AOD suppresses the differences without changing their direction 

(Figures A6 and A7). Changing the SZA however can also have an impact on the direction 

of the differences, leading to “less positive” differences for larger SZAs (Figures A8 and 

A9). When the surface is highly reflective (e.g., surface albedo = 0.8, Figure A10) the dif-

ferences are slightly more positive (by ~5-10%) for UVB and UVA relative to those for 

surface albedo = 0.1, for altitudes between the bottom of the elevated layer and the BOA. 
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Inside and above the elevated layer differences are much smaller with respect to the cor-

responding lower surface albedo cases. This is possibly because the aerosol layer and the 

reflective terrain enhance the scattering toward the BOA (the former) and the TOA (the 

latter) leading to increased number of photons between the aerosol layer and the surface. 

At VIS and NIR wavelengths this effect is minor relative to UVB and UVA because of the 

less efficient scattering by air molecules, and the corresponding differences (for high and 

low surface albedo) are very small. 

 

Upwelling diffuse irradiance 

At NIR wavelengths the scattered irradiance in the atmosphere is negligible in the 

absence of aerosols. Thus, adding a layer of aerosols leads to more UDI inside and above 

the layer. Increasing the altitude of the layer leads to more UDI at the TOA as the scattered 

photons have less chances to interact with absorbing gasses (mainly water vapor). Thus, 

when comparing the UDI profiles for elevated layers (L1, …, L4) and L0 the difference is 

always positive above about the mid of the elevated layer. For SSA=0.95 the difference is 

negative below the mid of the layer, while for SSA=0.75 it is positive, which means that 

the NIR UDI increases between the elevated aerosol layer and the BOA. For scattering 

aerosols it is easy to understand that when the layer is lower, there is more UDI at lower 

altitudes. However, when absorbing aerosols are low in the atmosphere (L0), it is possible 

that combined absorption of the NIR by gasses and aerosols is stronger than the absorp-

tion when aerosols are higher in the atmosphere. This is because, at the SZA of 60° part of 

the photons which have been scattered at a higher altitude go through shorter optical 

paths (relative to being scattered near the surface) because they move “more vertically” 

in the atmosphere. Thus, they have less chances to get absorbed, and more chances to be 

reflect toward the TOA. It is possible that the combination of the two phenomena de-

scribed above leads to more NIR UDI when the aerosol layer is higher. This is not however 

the case for different SZAs (e.g., SZA=20° or SZA=80°) for which the differences in NIR 

UDI are negative below the elevated layer, even for absorbing aerosols (Figures A3 and 

A4). For SZA smaller than 60°, that happens because the difference in the path of the pho-

tons does not change as significantly as for SZA=60°. For SZA=80°, the attenuation of the 

NIR irradiance in the aerosol layer is so strong that differences below the layer are again 

negative. Very high surface albedo (e.g., surface albedo=0.8) leads to increased UDI below 

the base of elevated aerosol layers (compared to UDI at the same altitudes for aerosols at 

L0) even for SSA=0.95 (Figure A5). This is possibly because many NIR photons are re-

flected at the surface (towards the aerosol layer) and then scattered in the layer (towards 

the surface), and this process is repeated multiple times for part of the photons.  

Absorption of the UVB, UVA and VIS radiation in the troposphere is generally weak 

(under usual conditions) with respect to absorption of the NIR radiation. Aerosols at any 

altitude enhance the UDI inside and above the layer. As the altitude of the layer increases 

it absorbs and scatters back to the surface part of the UDI that enters the base of the layer 

from below. Thus, for UVB, UVA, and VIS, an elevated aerosol layer results to less UDI 

above, inside, and below the elevated layer with respect to the UDI inside and above L0. 

The differences are more significant above the elevated layer for more absorbing aerosols. 

For SSA=0.95 the absolute differences increase gradually from the top to the bottom of the 

elevated layer, then remain relatively stable between the base of the elevated layer and 

the top of L0 and again decrease until the surface. For UVB and UVA (where Rayleigh 

scattering is more intense relative to VIS) when SSA=0.75 the absolute difference is maxi-

mum inside the aerosol layer and then decreases (faster below the top of L0) until the 

surface. Decreasing the AOD suppresses the differences (Figures A1 and A2) without 

however significantly changing their relative distribution in the atmosphere. Similarly, 

changing the SZA (Figures A3 and A4) affects mainly the magnitude of the decrease. 

When an elevated aerosol layer is above very reflective terrain, enhanced multiple 

scattering leads to significant increase of the UDI between the layer and the surface (espe-

cially at shorter wavelengths). Increasing the altitude of the layer reduces the UDI above 
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the layer with respect to aerosol-free atmosphere, more than it does over low-albedo ter-

rain. The latter reduction becomes stronger as the absorption efficiency of the aerosol layer 

increases. Thus, comparing UDI for an elevated aerosol layer with UDI for L0 (Figure A5) 

results to positive differences between the bottom of the elevated layer and the surface. 

For UVB and UVA, differences are negative above the altitude of the bottom of the ele-

vated aerosol layer. They become more negative with increased absorption efficiency of 

the aerosols and increased altitude of the layer. For VIS, differences are (like for IR) posi-

tive even above the altitude of the bottom of the elevated layer. 

 

3.1.3 Global irradiance 

The global irradiance (GI) is the summary of the DI and the DDI. Thus, differences 

due to changes in the altitude of the aerosol layer depend on the differences in DI and 

DDI, and on the contribution of each component to the GI. The contribution of DI is more 

significant for longer relative to shorter wavelengths (because longer wavelengths are 

scattered less effectively by air molecules) and becomes more significant as SZA de-

creases. In the UVB region the diffuse component of the downwelling irradiance is already 

very strong in the GI at 60°, even above the aerosol layer. As wavelength increases the 

relative contribution of the direct component becomes more significant, and for the NIR 

the direct component becomes dominant. Thus, despite the very large differences between 

different spectral regions regarding the effect of altitude on DDI, the results for GI are 

very similar. For SSA=0.95 the differences between the bottom of the elevated layer and 

the top of L0 are -35 – -45%, while for SSA=0.75 the corresponding differences are about -

60%. Changing the AOD, the SZA or the surface albedo (Figures A1 – A5) affects the ab-

solute differences, but not their direction or distribution. However, at very high SZAs the 

absolute differences are larger (in percent) for larger wavelengths (Figure A4), but they 

correspond to low absolute GI values. 

 

3.1.4 Actinic flux 

Increasing the altitude of the aerosol layer leads to decreased actinic flux between the 

elevated layer and L0. As for GI the decrease is constant between the top of L0 and the 

bottom of the elevated layer and does not depend on the altitude of the elevated layer 

unless its bottom is below the top of L0. At SZA=60° and for SSA=0.95 and surface albedo 

= 0.1, the decrease is ~40% for UVB and becomes larger with increasing wavelength, up to 

~55% for NIR. At the same conditions but for SSA=0.75 the decrease is larger for UVB 

(~60%) and becomes smaller for increasing wavelength (it is ~45% for NIR). As the SZA 

increases the effect of changing altitude of the aerosol layer becomes more significant for 

longer wavelengths. For example, at 80° the differences between the bottom of the ele-

vated aerosol layer and the top of L0 are of the order of -90% for NIR, while for UVB they 

are similar to the differences for 60° (Figure A4). Over high albedo surfaces the effect of 

changing altitude of the aerosol layer is less significant (compared to the same changes 

over low albedo surface), especially for highly scattering aerosols (Figure A5). As dis-

cussed earlier, this is because increasing the altitude of the aerosol layer leads to decreased 

DI but at the same time to increased diffuse irradiance below the layer (with respect to 

what happens at the same altitudes in the atmosphere for aerosols at L0). 

 

3.1.5 Heating rates 

Differences in HR depict differences in the net flux of irradiance (i.e., the difference 

between the ingoing and the outgoing irradiance at a specific altitude). In the absence of 

aerosols this quantity is very small (below 0.1 K/day) for the SW radiation, which explains 

the very large differences presented in Figure 5. Changes in UVB and UVA play a minor 

role in the overall changes in the HR of the SW irradiance and the main contribution comes 

from radiation in the VIS and NIR regions. Thus, changes in the HR for the total SW radi-

ation are discussed in this section.  
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HR increase significantly inside, and a few hundreds of meters above and below, the 

elevated aerosol layers and decreases below the layers with respect to the heating rate for 

L0 (Figure 5). The increase inside the layer is very large, while the decrease below the layer 

gradually reaches values between 90% and 100% at the altitude of 1.5 km (i.e., the top of 

L0). The increase inside the layer becomes larger as the layer altitude increases, and fur-

ther increases for more absorbing aerosols and larger SZA. Increasing the surface albedo 

leads to very small changes (small suppression of the differences) in the results. 

 

Figure 5. Change (in %) in the profiles of HR for SW radiation. The presented results are for AOD = 

1, SZA = 60°, surface albedo = 0.1, water vapor = 10 mm, and two values of the SSA: 0.75 (dotted 

lines) and 0.95 (solid lines).  

3.1.6 Top and bottom of the atmosphere 

In most climatic studies, default aerosol profiles are used which commonly assume 

exponential decrease of aerosol extinction (with aerosols concentrated in the first 1-2 km 

from the surface). In many cases this assumption does not affect the modelled irradiance 

at the BOA and the TOA significantly (e.g., [23]).  However, as shown in the following 

section for high aerosol loads and under certain conditions (e.g., high SZA or high surface 

albedo, aerosol layers at very high altitudes) this assumption can result to non-negligible 

errors in the simulations of the GI at the BOA or the UDI at the TOA when large fraction 

of the aerosols is located at higher altitudes (e.g., at 3 or 4 km). In this section, the effect of 

the altitude of the aerosol layer on GI, at the surface, and UDI at the TOA are discussed 

for AOD=1.  
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Figure 6. Relative differences in GI at the BOA for different altitudes of the elevated aerosol layer, 

SSA and surface albedo with respect the corresponding conditions when aerosols are at L0 (elevated 

layer – L0). The presented results are for AOD = 1 and TCWV = 10 mm. Different rows represent 

different spectral regions (UVB, UVA, VIS, NIR). Different columns represent different surface al-

bedo (left: 0.1, right: 0.8). 

BOA 

Differences (in %) of the GI for the four spectral bands as it was simulated for aerosols 

at higher altitudes (L1, …, L4) and aerosols at L0 are presented in Figure 6. Below SZA=60° 

and for low surface albedo the altitude of the aerosol layer has small impact on the GI that 

reaches the surface since differences are in all cases below 5%. For SZA=80° the differences 

are larger, up to 15%, mainly for UVA and NIR. For UVA, increasing the altitude of the 

layer leads to increased absorption by absorbing (SSA=0.75) aerosols. For L4 the reduction 

is nearly 8% with respect to the UVA at the BOA for L0. A possible explanation is that the 
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direct beam that enters L0 is significantly weaker than the direct beam that enters L4. At 

such large SZA the optical path inside the layer is longer for photons of the direct beam 

relative to scattered photons. Thus, when aerosol layer is higher, absorption of UVA irra-

diance by aerosols is stronger. For UVB the corresponding reduction is smaller because at 

high SZA (above 60°) the contribution of the direct component is already weak relative to 

the contribution of the scattered component of GI at 5.5 km. In the VIS and NIR regions, 

although the direct component is stronger than in UV, the photons are scattered less ef-

fectively in the atmosphere. Thus, in aerosol-free skies the direct component of VIS and 

NIR GI is similar at 1.5 km and 5.5 km. In NIR the GI at the BOA at SZA=80° increases 

with increasing altitude of the aerosol layer (by 12 – 14% for L4), for both, absorbing and 

reflective aerosols. This is possibly because scattering of the NIR at higher altitude at such 

large SZA results to reduced optical path for a significant fraction of the scattered photons 

as they propagate “more vertically” below the aerosol layer moving towards the surface 

and are thus absorbed less effectively by atmospheric molecules (mainly by water vapor). 

The altitude of the aerosol layer plays a more significant role over highly reflective 

surfaces, especially when Rayleigh scattering is strong (i.e., in the UVB and UVA regions). 

The global irradiance at BOA increases with increasing aerosol layer altitude, by up to 

15% in the UVB for L4 and small SZA. When the layer of aerosols is inside denser atmos-

phere (i.e., near the surface) the photons follow longer paths in the layer (due to multiple 

Rayleigh scattering) with respect to elevated aerosol layers. This phenomenon is intensi-

fied over reflective surfaces due to multiple interactions of the photons with the surface, 

the dense atmosphere, and the aerosol particles. If the layer constitutes from absorbing 

aerosols, then increased absorption leads to even larger differences between GI at the BOA 

for elevated aerosol layers and L0, up to 15% for L4. Longer wavelengths are scattered 

less effectively in the atmosphere, which is the reason for the very small (below 3%) dif-

ferences between Figures 6(e) and 6(f) (for reflective and absorbing aerosols). Rayleigh 

scattering in the NIR is negligible, thus the corresponding differences between panels 6g 

and 6h are nearly zero. 

Changes in total irradiance (panels 6i and 6j) due to different altitude of the aerosol 

layer are determined by changes in the VIS and the IR. For increasing altitude of the aer-

osol layers the total GI at BOA increases. The increase is smaller than 5% for SZAs below 

60° and larger for SZA=80°. The increase is similar for L2, L3, and L4, of 7 - 8%. Changing 

the surface albedo has negligible impact on total GI at the BOA. It must be mentioned that 

in realistic conditions the AΕ is larger than 0 and subsequently the effect of aerosols is 

larger at shorter wavelengths, which means that the contribution of changes in the NIR 

on the changes of the total GI would be less significant than the contribution of NIR in the 

results presented in panels 6i and 6j.   
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Figure 7. Change (in %) in the UDI at the TOA (realistic - default) for different altitudes of the aerosol 

layer, SSA and surface albedo. The presented results are for AOD = 1 and TCWV = 10 mm. Different 

rows represent different spectral regions (UVB, UVA, VIS, IR). Different columns represent different 

surface albedo (left: 0.1, right: 0.8). 

TOA 

As shown in Figure 7, changing the altitude of the aerosol layer has very small impact 

on UDI in UVB, UVA, and VIS at the TOA when aerosols are highly scattering (SSA=0.95). 

In all these cases differences in the UDI are well below 5% for different aerosol layer alti-

tudes. This is not the case however for NIR that differences in the UDI increase with in-

creasing altitude of the aerosol layer. In the latter case the magnitude of increase depends 

on surface albedo and SZA and reaches 33% for L4 and surface albedo=0.1. For UVB, UVA, 

and VIS, aerosols (with SSA=0.95) play a role that is similar to that of the atmospheric 

molecules: they scatter and redistribute photons. Thus, the altitude of the aerosol layer 
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does not play a very significant role regarding the UDI that exits in the atmosphere. In 

contrast, NIR is scattered weakly by atmospheric molecules and is mainly absorbed by 

water vapor. NIR radiation is however scattered by aerosols. Part of the scattered NIR 

radiation is then moving towards the TOA. When the aerosol layer is higher, absorption 

of the upwelling NIR by water vapor is weaker (due to the smaller optical path) and more 

UDI reaches the TOA. This effect is weaker over highly reflective terrain and small SZAs 

(panel 7h) because in such cases NIR that has been reflected at the surface constitutes sig-

nificant fraction of the UDI. 

For absorbing aerosols (SSA=0.75), the results for the NIR are similar with the results 

for scattering aerosols (SSA=0.95). However, absorbing aerosols induce more significant 

differences in UVB, UVA and VIS relative to scattering aerosols. When aerosols are low in 

the atmosphere (i.e., L0) the backscattered photons (due to Rayleigh scattering) at alti-

tudes above 1.5 km do not interact with aerosols. However, if the aerosol layer is higher, 

then backscattered photons coming from higher altitudes in the troposphere will also in-

teract with aerosols and part of them will be absorbed. Thus, increasing the altitude of the 

aerosol layer leads to reduced UDI at the TOA. Over highly reflective terrains the UDI 

also constitutes from photons which have been reflected by the earth surface. The altitude 

of the layer does not significantly affect the amount of the latter photons that reach the 

TOA. Thus, the decrease is weaker for surface albedo = 0.8 relative to surface albedo = 0.1.  

Although for different spectral regions changing the altitude of the layer may induce 

large differences in the UDI at the TOA, differences are generally below 15% for total UDI. 

Total UDI increases with increasing altitude of the aerosol layer, mainly for reflective aer-

osols. As in the previous section it should be mentioned again that in realistic conditions 

Angstrom Exponent is above zero, which means that the results for total UDI would be 

closer to the results for VIS compared to the results presented in panels 7i and 7j. 

 

3.2 Effect of extinction coefficient profile for typical aerosol conditions  

The methodology used in this section has been described in Section 2.4. The differ-

ences between the seasonal total-aerosol extinction coefficient (at 532 nm) profiles from 

LIVAS and the libRadtran default profile [22] (both scaled to the seasonally averaged 

AOD at 350 nm) for the two regions are presented in Figure 8. 

 

Figure 8. Differences between the LIVAS and the libRadtran default extinction coefficient profiles 

for the AOD at 350 nm. The results are shown for CE Europe (blue line) and NW Africa (red line) 

for the four seasons of the year. The 350 nm AOD for each is also shown in the panels with the 

corresponding colors.  
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Figure 9. Change (in %) in the AF in the first 8 km of the atmosphere due to the use of the LIVAS 

profiles instead of the default libRadtran profile. Results are for SZA=60°. The corresponding graphs 

for 30° and 80° are provided in the supplement. 

The different characteristics of aerosols over the two regions lead to quite different 

patterns in the extinction coefficient profile differences. Over CE Europe continental aer-

osols constitute a significant fraction of the aerosol mixture, while over NW Africa dust 

plays a very significant role. The differences in the vertical profiles of the AF are presented 

in Figure 9. In all cases shown in Figure 9, differences are much larger in the UVB and 

UVA regions relative to VIS and NIR, mainly because the AOD increases with decreasing 

wavelength, and thus differences in the extinction coefficient profiles become larger. 

Given that differences in the VIS and NIR AF are very small, the results are discussed only 

for UVB and UVA in the following. As expected, differences in AF at the BOA are in all 

cases small, below 3%.  

In winter, for both areas, aerosol extinction is underestimated below ~1.5 km and 

overestimated above the same altitude when the default profile is used for the simula-

tions. Thus, the patterns of differences in AF profiles are similar for the two regions. For 

UVB and UVA maximum increase of the order of 10% was found between 1.5 and 2 km. 

Less scattering and absorption by aerosols above 1.5 km allows to more photons that are 

moving towards the surface to reach the specific altitude. At the same time excessive scat-

tering by aerosols near the surface leads to more upwelling photons at the altitude of 1.5 

km. Thus, the increase is maximum at the particular level. 

For CE Europe, the pattern of differences between the default and the measured ver-

tical profile of aerosol extinction coefficient is the following: Negative differences (i.e., 

overestimation by the default profile) above an altitude which ranges from ~2 km in win-

ter to ~ 4 km in spring. Then, differences become positive. In spring and summer, differ-

ences approach zero near the surface. For the reasons discussed above, for all seasons, the 

corresponding differences in UVB and UVA AF are maximum near the altitude of change 

from negative to positive differences in aerosol extinction coefficient. Maximum differ-

ences in AF are small, of 5 – 10%, while near the surface the differences are even smaller, 

below 5%. 

For NW Africa there is a stronger seasonal dependence in the extinction coefficient 

differences relative to CE Europe. In spring and autumn differences are negative above 5 

– 6 km, and positive below, approaching zero at about 2 km. The corresponding differ-

ences in AF are positive, with a maximum of ~ 5% near the altitude where extinction co-
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efficient differences change from negative to positive (i.e., at 5 – 6 km). In summer, differ-

ences in extinction coefficient are again negative above ~ 6 km and positive below. Then, 

differences become again negative below 2 km. Differences in UVB and UVA AF are in 

this case positive above 4 km, and negative below. Absolute maxima in the positive and 

negative values are spotted at 5 km and 2 km respectively. This is because, when the LI-

VAS profile is used for the simulations instead of the default, more downwelling photons 

reach the altitude of 6 km. Then, the excessive interaction between aerosols and photons 

in the layer between 2 km and 6 km leads to decreased AF below about the mid of the 

layer. 

At lower SZAs, differences become very small (Figure A11), while at larger SZAs 

(Figure A12) differences in the atmosphere increase, especially for UVA. For example, at 

80° differences in the atmosphere reach 20%. At such large SZA relative differences corre-

spond to small absolute differences, and their impact on photochemical processes is less 

significant.    

In the case of the HR profiles (Figure 10), differences follow closely the differences in 

the extinction coefficient profiles. Maximum absolute differences in HR are 0.5 – 1 K/day 

for SZAs below 60° and become smaller for larger SZA. Largest differences, of ~1 K/day 

were found in winter near the surface for both regions. In summer, using the default pro-

file leads in underestimation of atmospheric heating by SW radiation at ~ 4 km over NW 

Africa by ~ 0.5 K/day. It is clear from these results that even for typical aerosol conditions 

the use of a default profile can lead to significant uncertainties relative to the atmospheric 

heating or cooling due to the interaction of SW radiation with aerosols. 

 

Figure 10. Change (in %) in the HR (realistic - default) in the first 8 km of the atmosphere due to the 

use of the LIVAS profiles instead of the default libRadtran profile. Results are for SZA=60°. The 

corresponding graphs for 30° and 80° will be provided in the supplement. 
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Figure 11. Change (in %) in the simulated GI reaching the surface due to the use of the LIVAS pro-

files instead of the default libRadtran profile. 

In Figure 11 the differences in the GI at the BOA are presented for each region and 

each season of the year. In all cases the differences are below 3%, and especially for VIS 

and NIR they are in many cases below 0.5%. Given that more than 85% of total SW irradi-

ance is in the VIS and NIR regions, changes in SW GI are also close to zero. These results 

confirm that for typical aerosol conditions, using a more realistic profile instead of the 

default is not necessary for the study of the GI at the Earth surface.   

 

Figure 12. Change (in %) in the simulated UDI at TOA due to the use of the LIVAS profiles instead 

of the default libRadtran profile. 

Differences in UDI at the TOA are presented in Figure 12. Differences are positive for 

UVB and UVA, nearly zero for VIS and negative for IR. Given that aerosol extinction is 

generally overestimated by the default profile at higher and underestimated at lower al-

titudes in the atmosphere this result was expected based on the analyses performed in 

Section 3.1. Except for very high SZAs (i.e., 80°) differences are smaller than 3%. Changes 

in SW irradiance (not shown in the graph) are very close to changes in VIS, i.e., between 
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0 and 1%. Thus, the results presented in Figure 12 denote nearly zero change of the mod-

eled SW UDI when a more realistic extinction profile is used for typical aerosol conditions 

with respect to the default profile. 

 

3.3 Effect of the used extinction profile for strong dust events 

Three Mediterranean sites which are occasionally affected by strong dust episodes 

have been chosen for the analyses performed in this section. The three sites are presented 

in Figure 2, and the methodology that has been used for the accomplishment of the RT 

simulations is described in section 2.5. The differences between the LIVAS (532 nm) ex-

tinction coefficient profiles and the default profile for AOD = 1 are shown in Figure 13.  In 

Figure 14 the corresponding differences in AF are shown for UV (UVB+UVA). Differences 

in the particular spectral region are presented because of their significance for photochem-

ical processes. In Figure 15 the corresponding differences for HR are shown for the SW 

irradiance. The results are presented for the three sites for three different SZAs (30°, 60°, 

80°). 

 

Figure 13. Differences between the 532 nm LIVAS and the libRadtran default extinction coefficient 

profiles. The profiles have been scaled to AOD=1 to calculate the differences. The LIVAS profile for 

each of the three sites is the average of all profiles corresponding to AOD at 532 nm larger than 0.8 

for the period 2006 – 2018.  

 

Figure 14. Change (in %) in AF in the UV in the first 8 km of the atmosphere due to the use of the 

LIVAS profiles instead of the default libRadtran profile for AOD=1. Results for the three sites and 

for SZA = 30°, 60°, and 80° are presented. 
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Figure 15. Change (in K/day) in the SW irradiance HR (realistic - default) in the first 8 km of the 

atmosphere due to the use of the LIVAS profiles instead of the default libRadtran profile for AOD=1. 

Results for the three sites and for SZA = 30°, 60°, and 80° are presented. 

The patterns of differences in the extinction coefficient (Figure 13) are quite different 

for the three sites resulting subsequently to quite different results for the vertical profiles 

of AF (Figure 14) and HR (Figure 15). Over Cairo, extinction coefficient is overestimated 

above and underestimated below ~1.5 km by the default profile. These differences result 

to increased AF by 20 – 60% at the altitude of ~1.5 km when the LIVAS profile is used. 

Differences in the extinction coefficient are directly depicted on the HR differences. When 

the LIVAS profile is used, HR near the surface increases by up to 17 K/day at SZA = 20°. 

Over Athens, the sign of the differences between the LIVAS and the default extinction 

coefficient profile changes at different altitudes. The overall result is that above 4 km the 

differences in AF are practically zero at SZAs below 60°. At SZA = 80° the AF is larger 

when the LIVAS profile is used, by ~10% at 5 km. From 4 to 1 km differences are negative, 

reaching -10% to -30% at 2 km depending on SZA. Below 1 km, small positive differences 

were found, of the order of a few percent. Again, the profile of differences in HR follows 

the profile of differences in the extinction coefficient, changing between -3 K/day and 3 

K/day. In the case of Lampedusa, extinction coefficient is underestimated by the default 

profile at altitudes between 1.5 km and 6 km. Below 1.5 km the difference between LIVAS 

and the default profile becomes negative, and near the surface it is again positive. Differ-

ences in AF are near zero above 5 km and negative below, reaching – 15% to – 40% at 

about 2 km depending on SZA. Differences in HR range between – 4 K/day and 2 K/day 

following the pattern of differences in the extinction coefficient. 

 

Figure 16. Changes (in %) in the simulated GI at BOA due to the use of the LIVAS profiles instead 

of the default profile.  

Despite the very high AOD and the significant differences between the LIVAS and 

the default extinction coefficient profiles, differences in the GI at the BOA are small, for 

the SW irradiance and for each of the four spectral regions (Figure 16). For SW, differences 

range from 0% (over Cairo) to 3% (over Lampedusa). For SZA=80° differences in the NIR 

region become larger (-4% for Cairo and + 8% for Lampedusa).  At the TOA, differences 

are generally larger relative to the BOA (between ± 10%) for individual spectral regions 

(Figure 17), but they are practically zero for the SW irradiance.  

Preprints (www.preprints.org)  |  NOT PEER-REVIEWED  |  Posted: 26 January 2022                   doi:10.20944/preprints202201.0397.v1

https://doi.org/10.20944/preprints202201.0397.v1


 

 

Figure 17. Changes (in %) in the simulated UDI at TOA due to the use of the LIVAS profiles instead 

of the default profile. 

4 Summary and conclusions 

In climate modelling studies, as well as in many case studies relative to the radiative 

effects of aerosols, simplified extinction coefficient profiles are commonly used [21,22]. 

Very few information is available on how this simplification affects the simulated radia-

tion (e.g., [20,23]). In the present study, we exploited the recently developed LIVAS clima-

tology [54] and investigated how changes in the vertical distribution of aerosols affect the 

distribution of shortwave radiation in the atmosphere under cloudless skies. Analysis was 

performed for the four spectral bands which constitute the SW radiation: UVB, UVA, VIS, 

and NIR.  

Sensitivity analyses based on artificial aerosol profiles showed that the altitude of the 

aerosol layer has minor impact on the total shortwave GI at the BOA. Increasing the alti-

tude of the aerosol layer results to slightly more GI at the BOA. Differences increase with 

increasing SZA, but even at SZA = 80° and AOD = 1 they are below 10%. Differences can 

be more significant for individual spectral regions, especially over high albedo surfaces, 

where increasing the altitude of the layer can lead to increases of the order of 10 – 15% in 

the UVB and UVA regions, even at low SZAs.  

For absorbing aerosols (SSA = 0.75) the SW UDI at the TOA does not practically 

change with changing altitude of the aerosol layer, while for more reflective aerosols (SSA 

= 0.95) differences are larger, but again exceed 10% only at SZA = 80° and for large height 

differences in the altitude of the hypothetical layers. These latter differences mainly orig-

inate from large differences in the NIR UDI, which increases up to ~30% for SZA = 80° 

(when AOD=1 and the altitude of the base of the aerosol layer increases from 0 to 4 km). 

Increasing altitude of the aerosol layer corresponds to negative differences in the UDI in 

UVB, UVA, and VIS and positive differences for NIR at TOA. At BOA, the signs of differ-

ences in NIR are also opposite to the signs of changes in UVB, UVA, and VIS. This is be-

cause the changes in the amount of photons that reach the BOA or the TOA are related 

with different processes in the different spectral regions. As also discussed in Mishra et 

al. [20] differences in the UV and VIS are mainly related with Rayleigh scattering while 

differences in the NIR are mainly related with absorption in the atmosphere. 

Differences in the radiation profiles are larger in the atmosphere with respect to the 

TOA and the BOA. Increasing the altitude of the aerosol layer leads to large increase of 

the SW HR at the level of the layer, and large decrease at the level of L0, with respect to 

the case of having all aerosols at L0. Differences in AF are negative between the top of the 

elevated layer and the BOA when the AF profiles for elevated aerosol layers and aerosols 

at L0 are compared. For scattering aerosols (SSA = 0.95), differences in AF are more sig-

nificant for longer (NIR) wavelengths, while for absorbing aerosols (SSA = 0.75), differ-

ences are more significant for shorter wavelengths (UVB). Increasing the SZA or the AOD 

increases the absolute differences, while increasing the surface albedo supresses the dif-

ferences. 

It should be kept in mind that all numbers referred to the above discussion corre-

spond to high AOD and relatively unrealistic distribution of aerosols in the atmosphere. 
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However, the use of artificial profiles for the analyses allowed to determine the mecha-

nisms which drive the differences. In order to derive more realistic, and more accurate in 

a quantitative manner conclusion, the radiation profiles which were derived using LIVAS 

climatological averages were compared to the radiation profiles derived using the default 

libRadtran profile, which assumes exponential decrease of the aerosol extinction coeffi-

cient with altitude in the troposphere.  

As expected, for typical atmospheric and aerosol conditions at CE Europe and NW 

Africa the differences in the UDI at the TOA and the GI at the BOA when the seasonally 

averaged LIVAS profiles were used instead of the default profile were, for all spectral 

bands (and obviously also for the SW radiation), below 5%. Differences in AF in the at-

mosphere were in most cases positive (i.e., more AF available for photochemical reactions 

when the LIVAS profiles were used), up to 10%, with the altitude of the maximum differ-

ences ranging between 1 km and 5 km depending on the region and the season. This was 

a consequence of the underestimation of the aerosol extinction by the default profile at 

low altitudes (near the surface). The only exception was NW Africa in summer, where the 

default profile overestimated aerosol extinction at lower altitudes. In this case, differences 

in UV AF at ~2 km were of the order of -5%. Given that photochemical reactions at alti-

tudes up to 3 km may affect the composition and the quality of air inside the boundary 

layer, differences in AF cannot be considered negligible. Differences in SW HR of the order 

of 0.5 to 1 K/day were found at the altitudes of maximum differences between the LIVAS 

and the default profile. Again, such differences cannot be considered negligible since they 

can affect atmospheric stability, and subsequently the formation of clouds. 

At the three sites considered for the study, using average LIVAS instead of the theo-

retical extinction coefficient profiles for high AOD resulted to larger differences with re-

spect to the comparison between the radiation profiles for average AOD conditions for 

the two regions. For Athens, the LIVAS extinction profile is closer to the theoretical, com-

pared to the other two sites, resulting to the smallest differences in the radiation profile 

among the three sites. Differences in UV AF are negative at the lowest 4 km for Athens 

and Lampedusa, reaching -20% and -40% respectively at ~ 2 km when SZA = 80°. At the 

same SZA differences in Cairo are positive, up to 60% at ~ 1.5 km. Such large differences 

can have a significant impact on atmospheric photochemistry. Differences in SW HR are 

also very large near the surface reaching 17 K/day at Cairo for SZA = 30°. However, even 

for such high aerosol load, differences at the BOA and the TOA are small, especially for 

the total SW radiation. Differences in SW UDI at the TOA are nearly zero for all sites, 

while differences in SW GI are smaller than 3% at BOA. Differences at individual spectral 

bands are more significant, mainly for NIR at high SZAs, where they can be of the order 

of 10% at TOA and 5 – 8% at the BOA.  

As already discussed, using a more realistic extinction coefficient profile for the sim-

ulations of the vertical profile of the SW radiation leads to small differences at the BOA 

and the TOA for typical AOD conditions. Thus, using measured profiles for climatological 

studies of the radiative effects of aerosols is not critical. This is in agreement with the find-

ings of Petrzala et al. for urban aerosols [23]. According to Mishra et al. [20] differences 

can be more significant for the thermal infrared (4 – 20 μm) spectral region (longwave 

radiation). The role of aerosol profile can be also more significant in the presence of clouds 

(e.g., [74]). The present study was however focused on radiative effects in different bands 

of the SW solar radiation under cloudless-sky conditions.  

Even if the results of the present study confirm that accurately determined AOD 

plays the most significant role in RT simulations of aerosol radiation interactions, aerosol 

profile retrievals from lidar instruments and satellite observations (e.g., CALIPSO [55] and 

the upcoming Cloud, Aerosol and Radiation Explorer - EarthCARE mission [75]) could be 

used to improve such simulations. For individual spectral bands (UV or NIR) using a 

more realistic profile was found to increase the accuracy in aerosol radiative effect related 

studies involving elevated aerosol layers and high AOD (e.g., dust or smoke events), even 

under cloudless-skies, especially over high-albedo terrains. Changes in the vertical distri-

bution of aerosols were found to have a very significant impact in the HR and the AF, 
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even for low aerosol loads. Differences in the vertical distribution of AF, especially in the 

UV, lead to changes in the atmospheric photochemistry and subsequently the atmospheric 

composition [76,77]. Large differences in HR can affect significantly atmospheric pro-

cesses such as the formation of clouds [78] or the formation of the PBL [79]. Very large 

differences in HR and AF were found during dust events over Mediterranean sites, de-

noting correspondingly large uncertainties in the modelling of atmospheric and photo-

chemical processes if the aerosol vertical distribution is not accurately taken into account. 

Concluding, the present study intends to be a contribution towards the understanding of 

the role of vertical distribution of aerosols in the modelling of the transfer of solar radia-

tion in the atmosphere, and to set the basis for further and deeper investigation under 

more complex conditions, and with respect to other atmospheric processes. 
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Appendix A 

 

Figure A1. Same as Figure 3, but for AOD=0.2 instead of AOD=1. 
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Figure A2. Same as Figure 3, but for AOD=0.5 instead of AOD=1. 
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Figure A3. Same as Figure 3, but for SZA=20° instead of SZA=60°. 
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Figure A4. Same as Figure 3, but for SZA=80° instead of SZA=60°. 
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Figure A5. Same as Figure 3, but for surface albedo=0.8 instead of 0.1. 

 

 

Figure A6. Same as Figure 4, but for AOD=0.2 instead of AOD=1. 
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Figure A7. Same as Figure 4, but for AOD=0.5 instead of AOD=1. 

 

Figure A8. Same as Figure 4, but for SZA=20° instead of 60°. Note that the x-axis scale is different 

relative to Figure 4.  

 

Figure A9. Same as Figure 4, but for SZA=80° instead of 60°. Note that the x-axis scale is different 

relative to Figure 4.  
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Figure A10. Same as Figure 4, but for surface albedo=0.8 instead of surface albedo=0.1. 

 

Figure A11. Same as Figure 9, but for SZA=30° instead of SZA=60°. 
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Figure A12. Same as Figure 9, but for SZA=80° instead of SZA=60°. 

 

Figure A13. Same as Figure 10, but for SZA=30° instead of SZA=60°. 
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Figure A14. Same as Figure 10, but for SZA=80° instead 60°. 
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